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Abstract 21 





) of lava in long-lived (>10
5
 y) events that have been linked to 23 
major environmental disruptions. The largest LIP eruptions (e.g. Siberian Traps) are widely 24 
considered to have had an impact on global climate through basalt CO2 degassing but the 25 
impact of the more numerous smaller LIPs is debated. Here we test the hypothesis that LIPs 26 
had a greater impact on Earth’s climate history than previously estimated because of the 27 
‘cryptic degassing’ of intruded and crust-contaminated magma, injecting extra CO2 over and 28 
above that coming from sub-aerial basalts. We use biogeochemical box models to investigate 29 
the potential impact of the Columbia River Basalts (CRB) during the mid-Miocene where 30 
multiple palaeorecords for this geologically relatively recent event enable more rigorous data-31 
model comparison. We find that the effect on the long-term carbon cycle of basalt degassing 32 
from the CRB alone is negligible, but that a total CRB emission of 4090-5670 Pg of carbon 33 
with 3000-4000 Pg of this carbon emitted during the Grande Ronde Basalt eruptions, a flux 34 
within the acceptable estimated range when cryptic degassing is included, does well in 35 
reproducing the record of benthic δ13C and atmospheric CO2 change during the core of the 36 
Miocene Climatic Optimum. Nevertheless, mechanisms other than degassing are required to 37 
drive observed warmth before 16.3 Ma and to match observed calcite compensation depth 38 
behaviour after ~15.4 Ma. Hence, our findings rule out the possibility that CRB emplacement 39 
alone can fully explain the mid-Miocene record but they demonstrate the enhanced climate 40 
impact that occurs when substantial cryptic degassing accompanies LIP emplacement. 41 
 42 
Keywords: Mid-Miocene, Columbia River Basalt, Large Igneous Province, Cryptic 43 
Degassing, Climate change, Volcanic degassing 44 
3 
1. Introduction 45 
Large Igneous Provinces (LIPs) erupt great quantities of lava during long-lived events 46 
that can release significant volumes of carbon into the ocean-atmosphere system (Bryan and 47 
Ernst, 2008; Coffin and Eldholm, 1994; Courtillot and Renne, 2003; Ernst et al., 2005). 48 
While the LIPs with the largest volumes (e.g. the Siberian Traps or the Central Atlantic 49 
Magmatic Province) are widely accepted to have triggered episodes of carbon cycle 50 
perturbation, global warmth and ecological crisis (Grard et al., 2005; Sobolev et al., 2011; 51 
Wignall, 2005, 2001), the case for LIPs with smaller (≤2x106 km3) volumes (e.g., the Deccan 52 
Traps or the Columbia River Basalt), emitting sufficient CO2 to cause a significant global 53 
impact is a subject of debate (Caldeira and Rampino, 1990; Diester-Haass et al., 2009; 54 
Kender et al., 2009; Self et al., 2006; Taylor and Lasaga, 1999). However, estimates of LIP 55 
CO2 emissions often do not take into account all of the potential sources of excess or ‘cryptic’ 56 
degassing, which include the often extensive volume of intrusive magma emplaced beneath 57 
LIPs (Grard et al., 2005; Karlstrom and Richards, 2011; Menand and Phillips, 2007; 58 
Shinohara, 2008), the metamorphic degassing of carbon-rich country rocks (Aarnes et al., 59 
2011a; Erwin, 2006; Ganino and Arndt, 2010, 2009; Iacono-Marziano et al., 2012; Retallack 60 
and Jahren, 2008; Svensen et al., 2009, 2004), and the potential impact of the recycling of 61 
mafic crust into the LIP magma source (Sobolev et al., 2011). These considerations imply 62 
that, under favourable circumstances, many LIPs may have a greater climatic impact than is 63 
widely accepted. Here we present the results of a feasibility study to quantify the potential 64 
additional impact on the long-term carbon cycle and climate of cryptic degassing using the 65 
mid-Miocene Columbia River Basalt (CRB) event for which multiple high-resolution 66 
palaeorecords are available. 67 
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2. The mid-Miocene and the Columbia River Basalt eruptions 68 
Published composite records of benthic stable isotope and CaCO3 accumulation 69 
presented in Figure 1 indicate broadly contemporaneous anomalies (calcite compensation 70 
depth (CCD) shoaling, benthic 13C maximum, benthic 18O minimum, ice sheet extent 71 
minimum) in the long-term carbon cycle and climate system during the early to middle 72 
Miocene, including the Monterey Carbon Isotope Excursion (MCIE) and Miocene Climatic 73 
Optimum (MCO) (Billups and Schrag, 2003; Pälike et al., 2012; Passchier et al., 2011; 74 
Vincent and Berger, 1985; Zachos et al., 2008). These marked perturbations occurred at 75 
about the same time as the onset of the emplacement of the bulk of the CRB in the Cascadia 76 
region of North America over multiple eruption phases between ~16.8 and 15.0 Ma (Baksi, 77 
2013; Barry et al., 2013, 2010; Hooper, 1997, 1988; Reidel et al., 2013b; Wolff and Ramos, 78 
2013) (Fig. 2), with the initiation of the CRB eruptions coinciding with the core of both the 79 
MCO and the MCIE (Fig. 1). In detail, the peak of the carbon cycle perturbation occurs ca. 80 
16.0 Ma (Fig. 3), coinciding with the eruption, between 16.3 and 15.9 Ma, of the ~152,000 81 
km
3 
Grande Ronde Basalt (GRB) formation over ~400 ky (responsible for ~70% of the CRB; 82 
Fig. 2; Barry et al., 2013; Reidel and Tolan, 2013; Reidel et al., 2013b; Wolff and Ramos, 83 
2013). Using a Gaussian filter to remove signals below 420 ky in the benthic foraminifera 84 
13C palaeorecord from ODP Site 1146 reveals a + 0.3 ‰ excursion in the secular trend of 85 
benthic 13C between 16.3 and 15.8 Ma (Fig. 3, panel a) (Holbourn et al., 2007). Atmospheric 86 
CO2 reconstructions feature elevated CO2 during the MCO, perhaps peaking between 16.3 87 
Ma and 15.8 Ma at 400-500 ppmv despite evidence of increased organic carbon burial during 88 
the Monterey Excursion, and then declining by ~13.9 Ma (Fig. 3, panel c) (Foster et al., 2012; 89 
Kürschner et al., 2008; Vincent and Berger, 1985; Zhang et al., 2013). The CCD also deepens 90 
by ~300 m in the equatorial Pacific at ~16.0 Ma, which has been suggested to represent a 91 
recovery from an equatorial “carbonate famine” hypothesised to have caused the CCD to 92 
5 
initially shoal at ~18.0 Ma (Fig. 1; Fig. 3, panel b) (Lyle, 2003; Lyle et al., 2010; Pälike et al., 93 
2012). These correlations have led some authors to invoke CRB activity as the main driver of 94 
mid-Miocene climate change (e.g. Hodell and Woodruff, 1994; Kender et al., 2009; Foster et 95 
al., 2012). Others have concluded that CRB emissions had a negligible impact on 96 
atmospheric CO2 (Taylor and Lasaga, 1999; Diester-Haass et al., 2009). 97 
To investigate the potential importance for Miocene climate of CRB cryptic degassing 98 
we use model simulations to determine the magnitude and duration of carbon emissions 99 
necessary to reproduce the observed patterns in benthic δ13C, the CCD and atmospheric CO2 100 
and evaluate the feasibility of these emission scenarios against the range of potential 101 
emissions calculated for the CRB. 102 
3. Materials and Methods 103 
3.1. Modelling 104 
We use two biogeochemical box models to simulate the carbon emissions necessary 105 
to drive the changes seen in the palaeorecord: i) the model of Merico et al. (2008) (hereafter 106 
referred to as MTW08), and ii) the LOSCAR model (Zeebe et al., 2009). MTW08 is an open 107 
system model containing all the major fluxes and processes in the carbon, phosphorus and 108 
silica cycles, including the carbonate system, air-sea gas exchange, the organic matter pump, 109 
CO2 drawdown by silicate weathering, calcium carbonate formation and cycling and carbon 110 
isotopes (Merico et al., 2008). In contrast, LOSCAR (the Long-term Ocean-atmosphere-111 
Sediment CArbon cycle Reservoir model) includes a simplified phosphorous cycle and no 112 
silica cycle but includes a sediment component coupled to the ocean-atmosphere routines, 113 
allowing the carbonate system to be better represented by including dissolution processes 114 
within the sediment column (Zeebe, 2012; Zeebe et al., 2009). LOSCAR also includes 115 
6 
regional boxes for each ocean basin in contrast to the global ocean of MTW08, providing a 116 
better comparison to the Pacific-focused palaeorecords used in this study. Both models are 117 
limited by low spatial resolution, uncertainties in mid-Miocene estimates for model 118 
parameters, and the lack of dynamic ocean, atmosphere and terrestrial biosphere components. 119 
Both models are tuned with estimates for mid-Miocene parameters (Tables S1-3) and then 120 
perturbed by CRB emission scenarios with varying increases in volcanic baseline emissions 121 
above the model baseline. MTW08 is also used to simulate the impacts of fresh basalt 122 
weathering through additional inputs of phosphorus and silica, which we estimate are 123 
increased by 1.5 and 2.2 % respectively above baseline inputs during the GRB eruptions 124 
before declining to 0.1% above baseline over the next 500 ky as the most reactive basalt is 125 
weathered away (Taylor and Lasaga, 1999) (Table 1). 126 
3.2. MTW08 sensitivity analyses 127 
After finding an emission scenario that produces the closest match to the 128 
palaeorecords we performed various sensitivity analyses in order to judge the sensitivity of 129 
our results to our chosen model parameter settings. To establish the impact of the strength of 130 
climate-weathering feedbacks on our results the strength of the climate-weathering feedback 131 
in MTW08 is varied. CO2-dependent weathering in MTW08 is formulated as in Walker and 132 
Kasting (1992): 133 
𝑊𝑐𝑎𝑟 = 𝐹𝑐𝑎𝑟 × (𝑝𝐶𝑂2 𝑝𝐶𝑂2(𝑖𝑛𝑖)⁄ )
𝛼𝑐
                                                                                                  (1) 
𝑊𝑠𝑖𝑙 = 𝐹𝑠𝑖𝑙 × (𝑝𝐶𝑂2/𝑝𝐶𝑂2(𝑖𝑛𝑖))
𝛼𝑠                                                                                                      (2) 
where Wcar and Wsil are the current carbonate and silicate weathering rates, Fcar and Fsil are 134 
the initial carbonate and silicate weathering flux, CO2(ini) is the initial atmospheric CO2, α𝑐 is 135 
the carbonate weathering exponent and is 1.0 in MTW08 and 0.4 in LOSCAR, and α𝑠 is the 136 
silicate weathering exponent and is 0.3 in MTW08 and 0.2 in LOSCAR. By repeating our 137 
7 
best-fit simulations with different carbonate and silicate weathering exponent values we can 138 
analyse the sensitivity of our results to the strength of the climate-weathering feedback used 139 
in MTW08. The sensitivity of our results to other key parameters in MTW08, including 140 
carbonate and silicate weathering, deep ocean mixing, the rain ratio and sediment carbon 141 




|                                                                                                                                     (3) 
where S is the sensitivity index, p the parameter value, Y the model results for p, and ' 143 
denoting the parameter value and model results after the ± 10 % change in p (Haefner, 1996). 144 
A sensitivity index value of S ≤ ±0.5 indicates that the variable Y is robust with respect to 145 
changes in the parameter p, whereas Y is sensitive to changes in p if S >> ±1. We also vary 146 
the isotopic value of volcanic emissions from the typical value of -4 ‰ (Table S3) in order to 147 
analyse the sensitivity of our results to the volcanic carbon δ13C parameter. 148 
3.3. Eruption chronology 149 
There are several different eruption chronologies proposed for the CRB eruptions 150 




Ar and K/Ar dating suggests that the 151 
GRB erupted between 15.99 ±0.20 Ma and 15.57 ±0.15 Ma (Barry et al., 2013, 2010), but 152 
these dates are subject to relatively large errors and the methodology behind these dates has 153 
been criticised for potentially underestimating ages (Baksi, 2013; Wolff and Ramos, 2013). 154 
Recent re-dating of the geomagnetic polarity time scale and in particular the “Steens 155 
reversal” instead indicates the GRB eruption must have started at 16.29 ±0.07 Ma and lasted 156 
400-500 ky (Baksi, 2013; Jarboe et al., 2010; Wolff and Ramos, 2013). The pre-GRB Steens 157 
and Imnaha eruptions are estimated to have begun between 16.9 and 16.4 Ma, while the 158 
Wanapum eruptions are estimated to have either erupted slowly over 600-800 ky up to as late 159 
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as 14.5 Ma or to have been rapidly erupted by as early as 15.78 ± 0.06 Ma (Baksi, 2013; 160 
Barry et al., 2013; Jarboe et al., 2010; Wolff and Ramos, 2013). In this study we base our 161 
simulated eruptions primarily on the eruption chronology summarised by Wolff and Ramos 162 
(2013), with the Steens and Imnaha basalts erupting between 16.8 and 16.3 Ma and the GRB 163 
between 16.3 and 15.9 Ma, although we simulate the Wanapum basalts erupting between 164 
15.6 and 15.0 Ma instead of 15.3 to 14.5 Ma (Barry et al., 2013) (Fig. 2, panel b). We also 165 
note that cryptic degassing could have begun while magma migrated through the intrusive 166 
sill-dike complex prior to surface eruptions, a scenario which has been hypothesised to have 167 
occurred up to several hundred thousand years prior to the Siberian Traps eruptions (Sobolev 168 
et al., 2011; Wolff and Ramos, 2013; Wolff et al., 2008). This could result in the timing of 169 
cryptic degassing differing from that of the basalt eruptions, which means that it is therefore 170 
possible that the GRB eruptions could have started as late as 16.0 Ma but its cryptic 171 
degassing may still have begun at ~16.3 Ma. In this study we can constrain the timing of 172 
significant cryptic degassing from the observed palaeorecord perturbations, but constraining 173 
the extrusive eruption chronology is challenging as the impact of these emissions on the 174 
palaeorecords is likely to be negligible relative to the impact of cryptic degassing. 175 
3.4. Cryptic degassing estimates 176 
We define cryptic degassing as the emissions from a LIP beyond the degassing of just 177 
its sub-aerial basalts and which are therefore more difficult to constrain and often only 178 
partially considered when estimating LIP emissions. Our primary method for estimating 179 
cryptic degassing is by estimating the release of CO2 from intrusive, non-erupted magma as 180 
well as from sub-aerial basalts. This degassing is calculated by assuming an average basaltic 181 
CO2 content of 0.2-0.5 wt. % and 70-80% degassing efficiency, yielding a minimum of 1.1 182 
Tg C km
-3
 in our low degassing scenario and a maximum of 3.1 Tg C km
-3
 in our high 183 
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degassing scenario (Table 2) (Self et al., 2006; Shinohara, 2008). We assume that all of this 184 
CO2 can reach the atmosphere via either surface fissure eruptions, via fracture-fault systems 185 
present in the Columbia Basin before the eruption of the CRB or via fracturing around 186 
intrusive bodies triggered by devolatilisation-induced overpressure (Aarnes et al., 2012; 187 
Reidel et al., 2013a). Sub-aerial emissions are calculated as the degassing from erupted 188 
basalts only, intrusive emissions are calculated as the degassing from the intrusive volume 189 
associated with the CRB, and total emissions include both sources. In the case of the GRB the 190 
extrusive volume is well constrained at ~152,000 km
3
 out of a total CRB volume of ~207,000 191 
km
3
 (Bryan and Ernst, 2008; Reidel et al., 2013b), while estimates of the intrusive volume 192 
associated with the CRB range from an equivalent intrusive to extrusive volume implied by 193 
petrologic modelling (Wolff and Ramos, 2013) up to ~1,125,000 km
3
 estimated from seismic 194 
refraction profiles (Coffin and Eldholm, 1994), giving a total CRB magma volume of 195 
between 420,000 and 1,335,000 km
3
. Intrusive magma degassing is more difficult to estimate 196 
than extrusive degassing though, and as a result this introduces additional uncertainty to our 197 
estimates of total magma degassing (Yoshimura and Nakamura, 2012). We define the ratio of 198 
the total emissions to just the extrusive emissions as the Emissions Amplification Factor 199 
(EAF), which based on our estimates is 2.0-6.4 for both our low and high degassing emission 200 
scenarios (Table 2). The emissions used in our simulations for each CRB formation are 201 
calculated by scaling the emission estimates for the whole CRB by the relative extrusive 202 
volume of these formations. 203 
CRB magma may have also been further enriched in CO2, H2O, and other volatiles 204 
beyond the levels we assume in our calculations above due to crustal contamination of the 205 
magma feeding the eruptions, a process which Sobolev et al (2011) suggests caused 206 
significant additional degassing from the Siberian Traps. Both petrological studies and 207 
simulations of the origins of the CRB indicate that the magma feeding the CRB is likely to 208 
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have experienced similar crustal contamination and potential volatile enrichment prior to the 209 
GRB eruptions (Camp and Hanan, 2008; Liu and Stegman, 2012; Ramos et al., 2013; 210 
Rodriguez and Sen, 2013; Wolff and Ramos, 2013; Wolff et al., 2008), indicating that a 211 
similar amplification of emissions as hypothesised for the Siberian Traps may have occurred 212 
during the CRB eruptions. We crudely approximate the impact of these potential additional 213 
emissions simply by scaling the crust-contaminated emissions of the Siberian Traps 214 
hypothesised by Sobolev et al (2011) (~46,360 Pg C) by the volume of each CRB degassing 215 
source relative to the volume of the Siberian Traps (the total CRB being ~12 % the volume of 216 
the Siberian Traps) (Table 2). An EAF of 2.0-6.4 also applies to this crustal-contamination 217 
emission scenario. 218 
An additional source of cryptic degassing beyond magma degassing is the 219 
metamorphism of the country rock, which is hypothesised to have caused large-scale 220 
emissions during other LIPs (e.g. Svensen et al., 2004). The scale of country rock 221 
metamorphosis associated with the CRB is partly obscured by the complex geology of the 222 
Columbia Basin, but the presence of carbonates, natural gas and coal in parts of the basin all 223 
point to a potentially significant source of additional carbon (LaMaskin et al., 2011; 224 
Lasmanis, 1991). Significant country rock degassing has been simulated to result from the 225 
intrusion of sills through various different lithologies, with a ~15 m thick sill intruding 226 
through organic-rich shale predicted to release ~1700 kg CH4 per m
2
 of sill extent (Aarnes et 227 
al., 2011a, 2011b). These simulations also suggest that metamorphic degassing of limestone 228 
and shale primarily releases CH4 rather than CO2 and so could further amplify the CRB’s 229 
short-term warming potential, while the presence of evaporites could also lead to the release 230 
of ozone layer-damaging methyl chloride. If we assume that the Chief Joseph and Monument 231 
fissure-dykes that the GRB erupted from were fed by an underlying sill as part of a shallow 232 
dyke-sill complex (covering an area of ~100,000 km
2
 for the Chief Joseph swarm; Fig. 2, 233 
11 
panel a; Reidel et al., 2013a; Rodriguez and Sen, 2013; Wolff and Ramos, 2013; Wolff et al., 234 
2008), then this sill would yield metamorphic degassing emissions of up to ~1100 Pg C if the 235 
sill was intruded through coal, ~280 Pg C through limestones and ~2400 Pg C through 236 
organic-rich shale, while further metamorphic degassing would be expected from country 237 
rock dissected by the fissure dykes linked to this sill (Aarnes et al., 2011a). However, the 238 
extent of sills underlying the CRB and the total number, length and depth of the dykes of the 239 
Chief Joseph, Monument and other smaller dyke swarms remain poorly constrained, making 240 
it difficult to accurately estimate metamorphic degassing for the CRB. As a result we 241 





 Pg of carbon, which would further amplify the maximum CRB cryptic degassing 243 
beyond our estimates in Table 2. 244 
4. Results and Discussion 245 
4.1. Modelled emission scenario 246 
In Figure 4 we compare palaeorecords with model simulations for δ13C, CCD and 247 
atmospheric CO2. We find that sub-aerial basalt degassing alone has a negligible effect in our 248 
simulations, but that adding cryptic degassing results in excursions similar to those seen in 249 
the palaeorecords. In some respects these results are counter-intuitive because they simulate: 250 
1) a deepening of the CCD despite increasing atmospheric CO2 and 2) a positive benthic δ
13
C 251 
excursion despite the release of isotopically light (-4 ‰) volcanic carbon. The CCD result is 252 
attributable to the emission of carbon over a long (>10 ky) time-scale acting to stimulate 253 
increased terrestrial carbonate weathering such that the increased weathering flux of CO3
2-
 to 254 
the ocean overcompensates for the initial reduction in [CO3
2-
] driven by ocean acidification 255 
(Fig. 5). The increase in benthic δ13C is driven primarily by the δ13C value of particulate 256 
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organic carbon (POC) becoming significantly lighter in response to increasing CO2 as a result 257 
of the photosynthetic isotope effect, and partially by the increase in organic carbon burial due 258 
to increased productivity with increased riverine phosphorus delivery (Fig. 6) (Kump and 259 
Arthur, 1999). The burial of this light POC counteracts the further impact of the isotopically 260 
light volcanic carbon and leaves dissolved inorganic carbon and thus benthic foraminifera 261 
enriched in 
13
C. Crust-contaminated magma, however, is predicted to emit CO2 with an 262 
isotopic value of -12 ‰ (Sobolev et al. 2011) while country rock emissions can vary from 0 263 
to 1.5 ‰ (from carbonates) to -20 to -50 ‰ (from shales, Table S3; Ganino and Arndt, 2009; 264 
Svensen et al., 2004). Our sensitivity analysis of volcanic δ13C illustrates that giving volcanic 265 
carbon an isotopic value of -12 ‰ results in a δ13C excursion similar to but slightly larger 266 
than in our best-fit simulation in MTW08 (Fig. S1), indicating that our main conclusions are 267 
not particularly sensitive to uncertainty in this parameter. 268 
We find that in MTW08 an emission scenario of 1000 Pg C from the Steens and 269 
Imnaha eruptions, 3500 Pg C from the GRB eruptions and 280 Pg C from the Wanapum 270 
eruptions fit the palaeorecords prior to 15.4 Ma best, while in LOSCAR the best fit is found 271 
with slightly reduced emissions of 850 Pg C from the Steens and Imnaha eruptions, 3000 Pg 272 
from the GRB eruptions and 240 Pg from the Wanapum eruptions. The difference between 273 
the LOSCAR and MTW08 emission scenarios is primarily the result of the additional basalt 274 
weathering applied in MTW08, which implies that ~790 Pg C is drawn down by the 275 
weathering of fresh basalt during the CRB eruptions. Taking weathering uncertainties into 276 
account we estimate that a total CRB emission of 4090-5670 Pg C (an EAF of 6.3-8.7 based 277 
on the high degassing scenario or 4.2-5.8 based on the crust-contaminated scenario), with 278 
3000-4000 Pg C of this emitted during just the GRB eruptions, best fits the palaeorecords. 279 
This emission range falls within the upper end of the range 460-6190 Pg C that we calculate 280 
to be feasible for the CRB (Table 2), demonstrating that a major perturbation to the long-term 281 
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carbon cycle and climate can only be achieved by invoking high degassing rates and a major 282 
contribution from cryptic degassing. Sensitivity analysis of the impact of the strength of the 283 
climate-weathering feedback indicates that although our results are moderately sensitive to 284 
the strength of this feedback (Fig. S2) it has to be significantly different from the values used 285 
in MTW08, LOSCAR and other models to significantly affect our results (Merico et al., 286 
2008; Walker and Kasting, 1992; Walker et al., 1981; Zeebe, 2012). Sensitivity analysis of 287 
the impact of our choice of model parameters also indicates that our results are also 288 
moderately sensitive to the silicate weathering rate and sediment burial fraction of carbon 289 
export parameters in MTW08 (Fig. S3), but this sensitivity has a negligible impact on the 290 
overall result of requiring CRB carbon emissions greater than that possible from just sub-291 
aerial basalt degassing in order to match the palaeorecords. 292 
4.2. The CCD and the mid-Miocene Climate Transition 293 
Both models fail to create the sustained CCD deepening seen in the palaeorecords, 294 
suggesting that some other mechanism drove part or all of the CCD deepening after ~15.4 295 
Ma. A sustained CCD deepening can successfully be simulated through a combination of a 296 
shift in carbonate burial to the deep ocean and increased carbonate weathering as a result of 297 
ice-sheet growth causing sea-level to fall and shelf carbonate deposits to be exposed after 298 
15.4 Ma or due to elevated continental weathering (simulated as a 30 % shelf burial reduction 299 
and a 20 % increase in carbonate weathering) (Barry et al., 2013; Kender et al., 2014; Merico 300 
et al., 2008; Passchier et al., 2011; Sandroni and Talarico, 2011; Shevenell et al., 2008) (Fig. 301 
4). This result implies that the early Miocene CCD shoaling observed in the equatorial Pacific 302 
could be the result of reduced carbonate weathering rates and elevated sea levels associated 303 
with the mid-Miocene glacial minima which began at ~17.6 Ma (Passchier et al., 2011). 304 
Alternatively, the 16.0 Ma deepening could be the result of an increase in carbonate 305 
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productivity after a “carbonate famine” starting at 18.0 Ma (Lyle, 2003; Pälike et al., 2012), 306 
but no process able to drive this 2 My reduction of carbonate export has yet been proposed. A 307 
decrease in the CaCO3:Corg rain ratio would also result in a CCD deepening via an increase in 308 
deep ocean [CO3
2-
], but this would also lead to an increase in benthic δ13C in contradiction to 309 
the observed recovery in benthic δ13C (Kender et al., 2014). As a result it is clear that, in our 310 
simulations, the permanent CCD deepening can be driven by the cooling trend resulting in 311 
shelf-basin carbonate fractionation and elevated carbonate weathering after ~15.4 Ma, but as 312 
the initial CCD deepening at ~16.0 Ma occurs during a time of relative warmth this suggests 313 
that the CRB had a role in deepening the CCD earlier than otherwise would have occurred 314 
(Feakins et al., 2012; Passchier et al., 2011). On the other hand it is important to note that the 315 
high-quality CCD records available from the eastern equatorial Pacific may not be globally 316 
representative, and that as the CCD shoalings at ~18.0 Ma and ~10.0 Ma (see Fig. 1) are 317 
unconnected to the CRB it is also possible that the ~16.0 Ma deepening may primarily be 318 
driven by a different process not discussed above. For other LIPs it is therefore likely that 319 
they could have also triggered a deepening of the CCD, but these deepenings may have been 320 
relatively transient and so may be difficult to observe in the low-resolution CCD 321 
palaeorecords currently available. 322 
4.3. Mid-Miocene climate change 323 
Proxy records and climate model simulations suggest that the warmth of the MCO (2 324 
to 4 
o
C warmer than today) can be largely explained by atmospheric CO2 concentrations 325 
increasing to >400 ppmv (Flower, 1999; Foster et al., 2012; Henrot et al., 2010; Herold et al., 326 
2011; Knorr et al., 2011; Kürschner et al., 2008; You, 2010; You et al., 2009). Our 327 
simulations show a ~90 ppmv increase by 15.9 Ma, suggesting that at least some of this 328 
increase could have been derived from the CRB. This CO2 increase would have increased 329 
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radiative forcing by 1.5 Wm
-2
 by 15.9 Ma (based on a CO2 baseline of 280 ppmv), causing a 330 
global warming of 0.9 to 1.9 
o
C (assuming a climate sensitivity of 2.2 to 4.8
 o
C per CO2 331 
doubling; Rohling et al., 2012) compared to the observed mid-Miocene warmth of 2 to 4 
o
C 332 
relative to the Holocene. More warming could be achieved either with a higher climate 333 
sensitivity including slow feedbacks, with a long-term icehouse climate sensitivity of 6 
o
C per 334 
CO2 doubling yielding 2.4 
o
C of warming (Hansen et al., 2008; Park and Royer, 2011), or 335 
from changes in other boundary conditions such as palaeogeography (Henrot et al., 2010; 336 
Herold et al., 2011; You et al., 2009). Although our estimate of CRB-driven temperature 337 
increase only reaches the lower limit of total mid-Miocene warming it does coincide with the 338 
second MCO warmth maximum and ice sheet extent minimum around 15.7 Ma, implying 339 
that the CRB could have helped intensify the MCO and delayed the subsequent reglaciation 340 
of the Antarctic during the mid-Miocene Climate Transition (Billups and Schrag, 2003; 341 
Feakins et al., 2012; Foster et al., 2012; Holbourn et al., 2013, 2007; Passchier et al., 2011; 342 
Shevenell et al., 2008). However, the first MCO warmth maximum at ~16.5 Ma pre-dates the 343 
simulated onset of the GRB cryptic degassing by ~200 ky and is preceded by the relatively 344 
small emissions of the Steens and Imnaha basalt eruptions, implying that the CRB was not 345 
the sole cause of the MCO. The timing of the equatorial Pacific CCD deepening also suggests 346 
there was no major pulse in emissions before ~16.3 Ma as no major changes in the CCD are 347 
observed between 18.0 and 16.0 Ma. These observations imply that some other process may 348 
have driven warming independently of the CRB in the early stages of the MCO, and that this 349 
process may also be linked to the ~18.0 Ma CCD shoaling and the MCIE. Other LIPs may 350 
have also occurred during similar times of background climate variability, thus complicating 351 
the interpretation of LIP-driven climate change and emphasizing the importance of 352 
establishing an accurate chronology of eruption phases and climate events when establishing 353 
the magnitude of LIP-driven climate change. 354 
16 
The timing of our best-fit emissions scenario also implies that the GRB cryptic 355 
degassing began around the same time as the ‘Mi-2’ glacial maximum at ~16.2 Ma (Miller et 356 
al., 1991). It is possible that enough sulphate aerosols and other volatiles may have been 357 
released to have triggered an initial, short-term episode of cooling prior to the longer-term 358 
warming effect of CO2 becoming dominant (Sobolev et al., 2011; Thordarson and Self, 359 
1996). The Deccan Traps and other LIPs are estimated to have released ~7 Tg SO2 km
-3
, 360 
which implies an emission of ~1.1x10
3
 Pg SO2 (an emission rate of ~2.6 Tg SO2 y
-1
 over 400 361 
ky) from the GRB sub-aerial basalts and up to ~9.3x10
3
 Pg SO2 (~23.4 Tg SO2 y
-1
) for the 362 
maximum total GRB volume (Self et al., 2006). This is significantly more than the 363 
background atmosphere SO2 content of <1 Tg, implying that GRB cryptic degassing could 364 
have initially triggered global cooling before the gradual increase in atmospheric CO2 led to 365 
warming dominating as cryptic degassing reached its end. It is well established that larger 366 
LIPs are associated with significant releases of SO2 (Self et al., 2006; Sobolev et al., 2011; 367 
Wignall, 2001), but our results imply that other small LIPs may also coincide with an initial 368 
episode of cooling prior to longer-term warming peaking after eruptions decline. 369 
5. Conclusions 370 
We find that we can successfully simulate perturbations to the benthic δ13C, the CCD 371 
and atmospheric CO2 palaeorecords at ~16.0 Ma with the emission of 4090-5670 Pg C from 372 
the CRB, of which 3000-4000 Pg C is emitted during the GRB eruptions between 16.3 and 373 
15.9 Ma, and that the CRB is capable of these emissions if a major role is invoked for cryptic 374 
degassing from intrusive volcanic activity. Even this emission scenario cannot account for the 375 
warmth of the entire MCO though, implying that some other driver of global warmth existed 376 
prior to 16.3 Ma, and we also find that some other process after 15.4 Ma such as reglaciation 377 
must have occurred to keep the CCD deepened after this time. If the same cryptic degassing 378 
17 
sources were involved in other LIPs then our results imply that those LIPs would have also 379 
had a more significant impact on global climate and ocean biogeochemistry than previously 380 
estimated and their impacts therefore require reappraisal. 381 
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Figures (Web Version) 610 
 611 
Figure 1: Comparison of palaeorecords between 10 and 22 Ma of: benthic foraminifera 612 
a) δ13C (black (green in the web version) dots) and b) δ18O(black (blue in the web version) 613 
dots) compilations and their secular trends (solid black (blue/green in the web version) lines 614 
illustrate the 100-point moving average) (Zachos et al., 2008), c) equatorial Pacific CCD 615 
palaeodepth (solid black (red solid in the web version) line; Pälike et al., 2012), and d) 616 
atmospheric CO2 reconstructed using boron (black (orange in the web version) crosses; 617 
Foster et al., 2012), alkenone (black (orange in the web version) triangles; Zhang et al., 618 
2013), stomata and palaeosol (black (orange in the web version) circles and diamonds, 619 
respectively; Beerling and Royer, 2011) based techniques with the 400 ppm level marked by 620 
the dashed black line. The durations of the Miocene Climatic Optimum (MCO), mid-Miocene 621 
Climate Transition (MMCT), Monterey Carbon Isotope Excursion (MCIE), Columbia River 622 
Basalt (CRB) main eruption phase (with the minor Saddle Mountain eruptions shown by 623 
25 
dotted arrow) and the Grande Ronde Basalt (GRB) eruptions are illustrated. Perturbations to 624 
the palaeorecords at ∼18.0, ∼16.0 and ∼14.0 Ma are highlighted by the grey (orange and red 625 
in the web version) bars, with the dark grey (red in the web version) bar marking the 626 
perturbation which is the focus of this study and shown in greater detail in Figure 3.  627 
26 
 628 
Figure 2: a) Map illustrating the location and the extent of the Columbia River Basalts 629 
(CRB), the Grande Ronde Basalt (GRB) formation within the CRB (with the GRB’s 630 
thickness in metres illustrated by the isopachs) and the GRB’s associated dyke swarms. 631 
Figure adapted from Reidel et al. (2013b). b) Illustration of the main Columbia River Basalt 632 
formations with each formation’s extrusive volume (to the nearest 1000 km3; Reidel et al., 633 
2013b) and the CRB eruption chronology used in this study.  634 
27 
 635 
Figure 3: a) Occurrence of Antarctic glacial minima and maxima marked by the dark 636 
(red in the web version) and light (blue in the web version) bars respectively with ‘Mi-2’ and 637 
‘Mi-3’ glaciations labelled (Feakins et al., 2012; Miller et al., 1991; Passchier et al., 2011). 638 
Palaeorecords of: b) benthic foraminifera δ13C from IODP site 1146 (black (green in the web 639 
version) dots) and its secular trend (calculated by using a Gaussian filter to remove signals 640 
below 420 ky; solid black (green in the web version) line; ∆=0 pinned at 16.3 Ma) (Holbourn 641 
et al., 2007), c) reconstruction of CCD palaeodepth in the equatorial Pacific (solid black (red 642 
in the web version) line; ∆=0 pinned at 16.3 Ma; Pälike et al., 2012), and d) reconstructions 643 
of atmospheric CO2 based on boron isotopes (black (orange in the web version) crosses with 644 
grey (orange in the web version) band for error; Foster et al., 2012), leaf stomata (black 645 
28 
(orange in the web version) circles with error bars; Kürschner et al., 2008) and alkenone δ13C 646 
(black (orange in the web version) triangles with error bars; Zhang et al., 2013).  647 
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 648 
Figure 4: a) Occurrence of Antarctic glacial minima and maxima marked by the dark 649 
(red in the web version) and light (blue in the web version) bars respectively with the Mi-2 650 
and Mi-3 glaciations labelled (Feakins et al., 2012; Miller et al., 1991; Passchier et al., 2011). 651 
Model results relative to steady-state values of: b) benthic δ13C (benthic foraminifera in 652 
MTW08, deep ocean dissolved inorganic carbon in LOSCAR), c) CCD palaeodepth (global 653 
in MTW08, Pacific in LOSCAR) and d) atmospheric CO2 for our sub-aerial basalt degassing 654 
only simulation in MTW08 (dot-dashed (green in the web version) line), our best-fit MTW08 655 
30 
simulation (solid black (solid dark blue in the web version) line, with additional run with 656 
post-CRB glaciation effects shown by the dashed black (solid light blue in the web version) 657 
line) and our best-fit LOSCAR simulation (dotted black (red in the web version) line); plotted 658 
against palaeorecords (each with ∆=0 pinned to either models’ steady-state value at 16.3 Ma 659 
for the relevant model output, presented here in grey (black in the web version) for clarity 660 
instead of the colours shown in Figure 2) of: b) benthic foraminifera δ13C from IODP site 661 
1146 (dots) and its secular trend (solid line) (Holbourn et al., 2007), c) reconstruction of CCD 662 
palaeodepth in the equatorial Pacific (solid line) (Pälike et al., 2012), and d) reconstructions 663 
of atmospheric CO2 based on boron isotopes (crosses, light grey band for error; Foster et al., 664 
2012), leaf stomata (circles with error bars; Kürschner et al., 2008) and alkenone δ13C 665 
(triangles with error bars; Zhang et al., 2013). e) Volcanic emissions scenario for the best-fit 666 
MTW08 scenario divided according to CRB formation and emission source (cryptic 667 
degassing, grey (red in the web version); sub-aerial basalt degassing, black (dark red in the 668 
web version)).  669 
31 
 670 
Figure 5: Simulation results in MTW08 of: a) carbonate weathering flux, b) deep ocean 671 
carbonate ion concentration and c) change in CCD (relative to 16.3 Ma) for our best-fit 672 
MTW08 emissions scenario illustrated in panel d) (solid black (dark blue in the web version) 673 
line, with additional run with post-CRB glaciation effects shown by the dashed black (light 674 
blue in the web version) line).  675 
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 676 
Figure 6: Simulation results in MTW08 of: a) Particulate Organic Carbon (POC) burial 677 
rates, b) POC δ13C and c) change in benthic δ13C (relative to 16.3 Ma) for our best-fit 678 
MTW08 emissions scenario illustrated in panel d) (solid black (dark blue in the web version) 679 
line, with additional run with post-CRB glaciation effects shown by the dashed black (light 680 
blue in the web version) line). Note the difference between the rate of decrease in POC δ13C 681 
and the rate of increase in POC burial.  682 
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Tables 683 
  684 
Table 1 
Estimated liberation rates of silica and phosphorus due to the chemical weathering of the freshly 
emplaced basalts of the CRB and the estimated resultant increase in baseline silica and 




























































 1.5 2.2 
   
a
   Chemical weathering rates are based on Dessert et al. (2003) and Taylor and Lasaga (1999) 
   
b
   Silica liberation rates based on Dessert et al. (2003) 
   
c
   MTW08 baseline riverine Si and P input listed in Supplementary Information
 
   
d
   Phosphorus liberation rates based on scaling Japanese basalt weathering rates (Hartmann and 
Moosdorf, 2011) to the chemical weathering rate 
   
e
   Surplus P and Si release simulated during the basalt eruptions before decreasing at a constant 





Carbon emission estimates for the entire Columbia River Basalt for different degassing scenarios 
and sources and the resultant range of the Emission Amplification Factor (EAF) for the CRB 
Emission 
scenario 
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2.0 6.4 High degassing
a





970 970 5220 1940 6190 
   
a
   Low (0.2% wt. CO2, 70% efficient) and high (0.5% wt. CO2, 80% efficient) degassing estimates 
based on Self et al. (2006) and Shinohara (2008).  
   
b
   Crust-contamination emissions scaled from hypothesised Siberian Traps emissions of Sobolev 
et al. (2011) by relative volume.  
   
c
   Metamorphic degassing (e.g. Svensen et al., 2004) is also likely to have been significant 
enough to add to further amplify emissions beyond this value but this impact is currently poorly 
constrained. 
